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[1] Past earthquake rupture models used to explain paleoseismic estimates of coastal
subsidence during the great A.D. 1700 Cascadia earthquake have assumed a uniform slip
distribution along the megathrust. Here we infer heterogeneous slip for the Cascadia margin
in A.D. 1700 that is analogous to slip distributions during instrumentally recorded great
subduction earthquakes worldwide. The assumption of uniform distribution in previous
rupture models was due partly to the large uncertainties of then available paleoseismic data
used to constrain the models. In this work, we use more precise estimates of subsidence in
1700 from detailed tidal microfossil studies. We develop a 3-D elastic dislocation model that
allows the slip to vary both along strike and in the dip direction. Despite uncertainties in the
updip and downdip slip extensions, the more precise subsidence estimates are best explained
by a model with along-strike slip heterogeneity, with multiple patches of high-moment
release separated by areas of low-moment release. For example, in A.D. 1700, there was very
little slip near Alsea Bay, Oregon (~44.4N), an area that coincides with a segment boundary
previously suggested on the basis of gravity anomalies. A probable subducting seamount in
this area may be responsible for impeding rupture during great earthquakes. Our results
highlight the need for more precise, high-quality estimates of subsidence or uplift during
prehistoric earthquakes from the coasts of southern British Columbia, northern Washington
(north of 47N), southernmost Oregon, and northern California (south of 43N), where slip
distributions of prehistoric earthquakes are poorly constrained.
Citation: Wang, P.-L., S. E. Engelhart, K. Wang, A. D. Hawkes, B. P. Horton, A. R. Nelson, and R. C. Witter (2013),
Heterogeneous rupture in the great Cascadia earthquake of 1700 inferred from coastal subsidence estimates, J. Geophys.
Res. Solid Earth, 118, 2460–2473, doi:10.1002/jgrb.50101.
1. Introduction
[2] Although no great earthquakes have occurred along the
Cascadia margin over its ~200 year written history, coastal
stratigraphy shows unambiguous evidence for repeated, great
megathrust earthquakes over the past 3000–7000 years
[Witter et al., 2003]. The most recent event occurred on 26
January A.D. 1700, with a moment magnitude (Mw) about
9, as is inferred from stratigraphic evidence for coseismic
subsidence and tsunami inundation along the western coast
of North America (Figure 1) [Nelson et al., 1995; Atwater
and Hemphill-Haley, 1997] and from historical records of
tsunami waves that propagated across the Paciﬁc Ocean to
Japan [Satake et al., 2003; Atwater et al., 2005].
[3] To date, models for the 1700 earthquake have assumed
a rather uniform rupture (of smoothly varying width) along
the margin [e.g., Flück et al., 1997; Wang et al., 2003;
Leonard et al., 2004, 2010]. Such a uniform pattern is quite
different from the rupture patterns of any instrumentally
recorded megathrust earthquakes at other subduction zones,
for example, the recent 2004 M 9.2 Sumatra [Chlieh et al.,
2007], 2011 M 8.8 Maule (Chile) [Lorito et al., 2011], and
2011 M 9.0 Tohoku-Oki [e.g., Lee et al., 2011; Yokota
et al., 2011; Wei et al., 2012] earthquakes. Along-strike var-
iation in coseismic slip distribution is a primary feature of
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earthquakes and gives rise to the concept of asperities, that
is, patches of greater slip within areas of less slip. Because
heterogeneous slip characterizes other subduction zone
earthquakes, slip during great Cascadia earthquakes
must also be heterogeneous. However, because of large er-
rors, most geologic measurements of coseismic subsidence
at subduction zones, even those for the ~M 9 A.D. 1700
earthquake at Cascadia, cannot distinguish between subsi-
dence patterns predicted by unifrom-slip or variable-slip
models.
[4] In this paper, we test a model of variable slip at
Cascadia against new, more precise estimates of coastal sub-
sidence during the 1700 earthquake. The new or reevaluated
data come from transfer function analyses of changes in
assemblages of fossil foraminifera, a single-celled, marine
organism with species sensitive to changes in relative sea
level. More realistic models of Cascadia megathrust rupture
will make future seismic and tsunami hazard assessments in
this region more accurate. Our modeling also identiﬁes the
parts of Cascadia’s coast where future microfossil-based
estimates of coseismic subsidence will most improve future
rupture models.
2. Paleoseismic Estimates of Cascadia Coseismic
Coastal Subsidence
2.1. Previous Estimates
[5] Paleoseismic evidence for Cascadia megathrust earth-
quakes chieﬂy includes stratigraphic sequences of organic-
rich soils and sediment of coastal wetlands suddenly buried
by tidal mud and sand [e.g., Darienzo et al., 1994; Atwater
and Hemphill-Haley, 1997; Witter et al., 2003], with
matching sudden changes in vascular plant fossils and
microfossil assemblages [e.g., Atwater and Yamaguchi,
1991; Guilbault et al., 1995; Hughes et al., 2002], some-
times accompanied by tsunami-laid sand [e.g., Clague et al.,
2000; Kelsey et al., 2002; Nelson et al., 2008], and/or lique-
faction caused by strong shaking [Atwater, 1992; Takada
and Atwater, 2004]. Radiocarbon dating of plant fossils in
coastal stratigraphic sequences suggests recurrence intervals
from less than a century to as much as a millennium, with
an average of about 300–600 years [Atwater et al., 2004;
Kelsey et al., 2005; Nelson et al., 2006]. Offshore turbidite
deposits, inferred to have been induced by great-earthquake
shaking, suggest the frequency is about 240 years in southern
Cascadia [Goldﬁnger et al., 2012].
[6] Estimates of coseismic subsidence during past Cascadia
megathrust earthquakes have been inferred from abrupt
changes in sediment lithology or from apparently sudden
changes in fossils in tidal stratigraphic sequences [e.g.,Atwater
and Yamaguchi, 1991; Hemphill-Haley, 1995; Peterson et al.,
2000]. Such estimates were qualitative in nature because
they inferred sudden changes from one intertidal environment
to another (e.g., high marsh to tidal ﬂat). Following measure-
ment of the elevational ranges of modern intertidal environ-
ments, estimates of subsidence were derived by comparing
the elevational ranges (typically 0.5–1.0 m) for analogous
paleoenvironments (inferred from lithology and/or fossils)
from above and below stratigraphic contacts thought to mark
subsidence during great earthquakes.
[7] Changes in the species assemblages of statistically sig-
niﬁcant numbers of intertidal microfossils (tens to hundreds
in each sample), chieﬂy foraminifera and diatoms, perhaps
gave more reliable estimates of sudden paleoenvironmental
change than did individual plant fossils or lithology. However,
as long as subsidence estimates were based on the elevational
change from one paleoenvironment to another, errors on subsi-
dence estimates remained >0.5 m and commonly >1 m [e.g.,
Nelson and Kashima, 1993; Nelson et al., 1996b;Witter et al.,
2003; Hawkes et al., 2005; Leonard et al., 2010]. Because the
elevational ranges of tidal environments vary from site to site,
Figure 1. The Cascadia subduction zone and paleoseismic
study sites cited in this paper. Black dashed lines represent
previously used downdip limits of uniform coseismic slip
zone and linear transition zone, corresponding roughly to
the 350C and 450C isotherms, respectively, deﬁned by
Wang et al. [2003] and similar to Hyndman and Wang
[1995] and Flück et al. [1997]. Black triangles denote volca-
noes. White arrows: Juan de Fuca–North America (JDF-NA)
plate convergence vectors. Black arrows: Juan de Fuca–
Cascadia fore arc convergence based on the model of
Wells and Simpson [2001]. Euler poles for the relative plate
motions are explained in Wang et al. [2003]. The shown
JDF-NA convergence is similar to that predicted by the
more recent model of DeMets et al. [2010]. Sites where
paleoseismic estimates of coseismic subsidence in A.D. 1700
were obtained using the transfer function method are marked
in red. Those that did not invoke transfer function are in
green. At Niawiakum,Washington, both types of the estimates
are available (Table 1). The Cemetery and English Cove sites
on Vancouver Island are almost collocated.
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errors in these semi-quantitative subsidence estimates are difﬁ-
cult to assess [Nelson et al., 1996a].
[8] Beginning in the mid-1990s, Guilbault et al. [1995,
1996] and Shennan et al. [1996, 1998] pioneered the use of
statistically based microfossil analysis in estimating coseismic
subsidence across contacts in Cascadia tidal sequences.
Shennan et al.’s [1996, 1998] use of ordination to quantitatively
compare fossil assemblages of pollen and diatoms with
modern assemblages of known elevation took full account of
analysis errors. This multivariate technique orders microfossil
assemblages so that similar assemblages are near each other
and dissimilar assemblages are farther from each other. How-
ever, ﬁnal subsidence estimates still relied on calculating a
range of differences between the elevational ranges of pre-
earthquake and postearthquake paleoenvironments. Guilbault
et al.’s [1995, 1996] approach, now widely used to reconstruct
climate-related sea level changes from microfossil assem-
blages beneath salt marshes [e.g., Horton et al., 1999; Horton
and Edwards, 2006; Gehrels et al., 2008; Kemp et al., 2011],
was fully quantitative in that subsidence estimates were directly
calculated from fossil foraminiferal data using a transfer func-
tion calibrated with modern assemblage and elevation data
from the same site. Their transfer function calculations yielded
errors for subsidence estimates that were substantially smaller
than the errors of previous methods (<0.3 m). We summarize
transfer function analysis of microfossil data in section 2.2.
[9] In their comparisons of paleoseismic estimates of
coseismic subsidence along the Cascadia subduction zone
with a model of uniform slip, Leonard et al. [2004, 2010]
strove to use as much information as possible from as many
sites as possible. They compiled qualitative-to-quantitative
subsidence values of variable quality collected by tens of in-
vestigators using different methods and assumptions devel-
oped over 15 years. Because the variable quality of the data
resulted in large scatter and errors in subsidence estimates
from the same or nearby sites, Leonard et al. [2010] weighted
estimates based on inferred data quality and summarized them
with moving-average values along the subduction zone. The
weights were assigned based on factors such as the method
used (qualitative, semiquantitative, or quantitative; lithology
versus microfossil; etc.), the number of sites or samples ana-
lyzed, the number of estimates at the same site, and the preci-
sion of estimated errors. Estimates based on microfossil
assemblages were given the highest weight, whereas esti-
mates based on lithologic changes alone were assigned the
lowest. Because of the large errors in the original data and
the qualitative nature of the weight assignment, Leonard
et al.’s [2010] average subsidence estimates cannot resolve
along-strike variations in coseismic slip.
2.2. Transfer Function Analysis
[10] The transfer function method is brieﬂy described
here. For deeper discussion of the application in sea level
and paleoseismology, see Horton and Edwards [2006],
Shennan and Hamilton [2006], and Hawkes et al. [2011],
respectively. Transfer functions are empirically derived
equations used to calculate estimates of past environmental
conditions from paleontological data [Imbrie and Kipp,
1971]. The equations express an environmental variable
(X) as a function of biological data (Y) consisting of many
species in many samples. The ﬁrst step in transfer function
analysis is development of a training data set of modern
microfossil species assemblage distributions and corresponding
environmental variables, in this case elevation relative to tide
levels. To reconstruct relative sea level changes using fossil
foraminiferal, diatom, or pollen assemblages in salt marsh sed-
iment, modern assemblages are collected in surface samples
along salt marsh transects from which X and Y are measured
or identiﬁed, respectively [e.g., Horton and Edwards, 2006].
The analogous modern training set forms the basis for
developing a transfer function. A range of software and sta-
tistical methods is available to generate the transfer function
[Birks, 1995]. We use the C2 program [Juggins, 2011]
and the weighted-average partial least squares (WA-PLS)
method because it is rigorously supported by statistical
theory and works well for species-rich, noisy data with envi-
ronmental gradients [e.g., Birks, 1995]. Transfer functions
transform microfossil data, typically collected from cores at
a site where samples for the modern training set have also
been collected, into a series of quantitative estimates of past
tidal elevation at the site [e.g., Horton and Edwards, 2006].
We converted the elevations of modern samples into a stan-
dardized water level index [Horton et al., 1999] to account
for variability in tidal range at each study site. Estimates of
subsidence were then converted back to absolute values
relative to the local tidal range of each fossil site.
2.3. Paleoseismic Estimates Used in This Work Based
on Transfer Functions
[11] We reconstructed relative sea level changes caused by
coseismic subsidence during the A.D. 1700 earthquake at
13 sites along the Oregon (n = 9), Washington (n = 1), and
British Columbia (n = 3) coastline (Figure 1 and Table 1).
Thanks to improvements in data processing and transfer
function analysis and the application of the method at many
more sites [e.g., Hughes et al., 2002; Nelson et al., 2008;
Hawkes et al., 2010, 2011; Engelhart et al., 2013], we
now have a sufﬁcient distribution of more precise estimates,
most based on foraminiferal analyses, to investigate the
along-strike slip variation during the 1700 earthquake. When
possible, we assign a Gaussian probability distribution to
each of the subsidence estimates based on the type of infor-
mation, with one standard deviation expressed as the “error
bar” (Table 1). In some cases, only the minimum value of
the subsidence can be obtained. For example, at South
Slough and Coquille River (Table 1), soil O horizons of for-
ested wetlands had elevations too high to be inundated by
the tide and hence lack foraminiferal assemblages represen-
tative of their pre-earthquake elevations.
[12] Five of the nine estimates from Oregon are those of
Hawkes et al. [2011] who estimated subsidence at Nehalem
(0.49 0.31 m), Nestucca (0.47 0.28 m), Salmon River
(0.60 0.29 m), Siuslaw (0.42 0.30 m), and South Slough
(minimum of 0.67 m). Using an expanded regional forami-
niferal transfer function [Engelhart et al., 2013],
we developed a new WA-PLS transfer function that had
a root-mean-square (RMS) error of prediction between
observed and predicted values of7% of tidal range. We
applied this transfer function to fossil foraminiferal assem-
blages at Netarts Bay (0.26 0.28 m), Siletz River
(0.69 0.28 m), and Coquille River (minimum of 0.81 m)
(Table 1). Hawkes et al. [2010] had obtained an estimate
(0.18 0.20 m) for Alsea Bay, Oregon, using the data of
Nelson et al. [2008]. Concerned by the differences between
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the foraminiferal taxonomy used by Nelson et al. [2008] and
the taxonomy used by Hawkes et al. [2010], we resampled a
new core from the Alsea Bay site. Our newly obtained sub-
sidence estimate (0.20 0.28 m) is consistent with the previ-
ous value of Hawkes et al. [2010]. At the Niawiakum River,
southern Washington, we reevaluated the fossil foraminif-
eral data of Sabean [2004] so that they are consistent
with the taxonomy of Engelhart et al. [2013]. Because
the species distribution of modern foraminifera in
marshes of southern Washington is similar to the distribu-
tion in Oregon marshes, we used our expanded regional
transfer function with Sabean’s [2004] data to calculate a
new subsidence estimate.
[13] All three British Columbia sites are in the Toﬁno area
of western Vancouver Island. Using the same approach as
for the Niawiakum River site, we updated the foraminiferal
taxonomy of Guilbault et al. [1996] who studied the
Meares Island and Cemetery sites near Toﬁno. Because of
differences among modern foraminiferal distributions at
the Toﬁno and Oregon sites, we developed a new local
transfer function for the Toﬁno area based on the modern
data of Guilbault et al. [1996] to calculate subsidence
(Table 1). The RMS error of prediction (difference between
the observed and predicted values) was11% of the tidal
range. Our foraminiferal estimate for the Cemetery site
(0.62 0.29 m) is ecologically reasonable and is nearly
identical to Hughes et al.’s [2002] value (0.61 0.30 m)
based on transfer function analyses of pollen data from
the neighboring English Cove site. The local transfer func-
tion may have underestimated subsidence at the Meares site
(0.49 m) because of no matching modern assemblages.
Therefore, we consider the subsidence estimated for this
site to be a minimum value.
2.4. Estimates From Microfossils Without Using
Transfer Functions
[14] In an effort to minimize spatial gaps in the subsidence
data along the subduction zone, we reevaluated each of the
subsidence estimates used by Leonard et al. [2004, 2010]
by scrutinizing publications with the original data or, for
some sites, referring to unpublished data. In most cases,
large errors made the subsidence estimates of minimal use
in our study of along-strike variations in subsidence and
fault slip. In some cases, there was not sufﬁcient information
on how the estimates and their errors had been determined.
However, we use subsidence estimates based on non–transfer
function microfossil data from four sites because the error
ranges for these data are better understood (Table 1 and
Figure 1) and they help to minimize spatial data gaps.
[15] At Johns River, southwest Washington, Shennan
et al. [1996] used ordination to compare quantitatively fossil
assemblages of pollen, diatoms, and foraminifera with
modern assemblages of known elevation. Modern pollen
and diatom data were combined to deﬁne seven environmen-
tal zones, ﬁve of them corresponding to tidal elevational
zones. Shennan et al. [1996] assigned fossil assemblages
to one of the ﬁve elevational zones to calculate the maxi-
mum and minimum elevational changes across the contact
marking subsidence during the 1700 earthquake. Using
these changes, Shennan et al. [1996] estimated subsidence
in 1700 at 1.0 0.5 m.
[16] At the Niawiakum River, at Willapa Bay in southern
Washington, Hemphill-Haley [1995] used semiquantitative
analysis of diatom assemblages to obtain subsidence
estimates consistent with those of Shennan et al. [1996] at
the nearby Johns River. Hemphill-Haley [1995] interpreted
her estimates of ~0.7–0.8 and ~1.0–1.1 m (errors not
speciﬁed) from two Niawiakum sites as minimum values
and estimated a maximum subsidence up to 3 m on the basis
of plant macrofossil and lithology data. Given the large er-
rors in using plant macrofossil and lithology data to esti-
mate subsidence as explained in section 2.1, we do not
think this maximum estimate is reliable. This assessment
is supported by Sabean’s [2004] foraminiferal assem-
blages. The range of 0.7–1.1 m based on diatoms is more
consistent with our new estimate of 0.58 0.28 m
(Table 1), obtained by reanalyzing Sabean’s [2004]
unpublished foraminiferal assemblage data using the new
transfer function. However, because there is some uncer-
tainty in the taxonomy used by Sabean [2004] compared
with Hawkes et al. [2011] that is not reﬂected in the formal
error of 0.28 in our new estimate, we cannot simply replace
Hemphill-Haley’s [1995] estimates with our new value.
Therefore, we show both estimates for this site in Table 1
and subsequent ﬁgures.
[17] At Sixes River, southern Oregon, Kelsey et al. [1998]
concluded that changes in diatoms assemblages across the
contact inferred to mark the 1700 earthquake are consistent
with coseismic subsidence. Through reconstructing the
response of the Sixes River to coseismic land level change,
these authors further estimated that subsidence was at least
0.7 m and no more than 2.2 m.
[18] At our southernmost site, Humboldt Bay (Figure 1),
Pritchard [2004] used lithology and diatom assemblages
to infer a sudden change from a low-marsh environment to
a tidal ﬂat across the abrupt contact marking the 1700 earth-
quake. Using the same approach as Hemphill-Haley [1995],
we compared the elevational ranges of pre-earthquake and
postearthquake environments inferred from diatom assem-
blages at this site and estimated the subsidence to be in the
range 0–1.64 m.
2.5. Temporal Resolution of Coseismic Subsidence
Estimates
[19] Paleoseismic studies show evidence for sudden
coastal subsidence that is most likely due to prehistoric
earthquakes. However, these studies cannot deﬁne the
“suddenness” to within minutes. Therefore, the inferred
subsidence may not be truly coseismic and may be “contam-
inated” by postseismic deformation. Postseismic land level
change is difﬁcult to assess because no methods allow dating
of sediment or fossils just above contacts of interest with
errors of less than decades. If the Cascadia coast continued
to subside for a few months or years following an earth-
quake, transfer function methods may overestimate the
amount of coseismic subsidence. If the coast rapidly uplifted
following coseismic subsidence, transfer function methods
may underestimate subsidence. If postseismic motion reverses
direction a short time after the earthquake, then transfer
function methods may either overestimate or underestimate
coseismic subsidence.
[20] Observations following recent subduction earth-
quakes do not show a consistent pattern of postseismic
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motion. After the 1964 Alaska earthquake, areas of coseismic
subsidence were rising a few years after the earthquake
[Cohen and Freymueller, 2001]. However, after the 2011
Tohoku earthquakes, some of the coastal areas that
coseismically subsided continued to subside (http://www.
gsi.go.jp/chibankansi/chikakukansi40005.html; in Japanese).
Perhaps, some of these areas may reverse their sense of
motion in the near future.
[21] From stratigraphic and microfossil evidence, we infer
that our subsidence estimates record mainly coseismic rather
than postseismic elevation change. The unusual sandy lithol-
ogy of beds capping the 1700 contact at 10 or more of the 13
sites (Table 1), sedimentary structures indicative of pulses of
suspension deposition of sand at some sites, and the smooth
upward grading of sandy beds into intertidal mud are consis-
tent with a rapid return to normal deposition of tidal
sediment at these sites, probably within days of sand deposi-
tion by tsunamis [e.g., Guilbault et al., 1996; Hughes et al.,
2002; Hamilton and Shennan, 2005; Nelson et al., 2008].
More importantly, diatom and foraminiferal assemblages in
overlying tidal sediment match the in situ assemblages of
intertidal ﬂat environments suggesting that both microfossil
groups recolonize tidal ﬂat environments within weeks to a
few months following coseismic subsidence. Postseismic
land level change within days to a few months is likely to
be much smaller than the coseismic change.
3. Modeling Method
3.1. Basic Assumptions
[22] To model coseismic deformation, we use the 3-D
megathrust fault geometry of McCrory et al. [2004] with
no simpliﬁcations. However, because the model is devel-
oped in an elastic half-space that has a ﬂat surface, a trivial
correction must be made to the fault depth [Flück et al.,
1997; Wang et al., 2003] such that it approximately repre-
sents depth from the seaﬂoor and ground surface, not from
sea level.
[23] For the Cascadia megathrust, the only constraints for
coseismic slip in past great earthquakes are paleoseismic and
paleotsunami observations. Because of the lack of data
coverage in the margin-normal direction, these data contain
little information on the downdip extent of megathrust
rupture. Therefore, an important assumption for all Cascadia
coseismic models is that the rupture zone is limited within a
certain temperature range in the dip direction [Hyndman and
Wang, 1993, 1995]. Some early models assumed that
coseismic fault slip was a scaled mirror image of
interseismic fault locking inferred from contemporary
geodetic observations [Flück et al., 1997]. This assumption
has been shown to be inappropriate because viscoelastic
mantle rheology strongly affects interseismic deformation
[Wang et al., 2012]. Following previous works such as
Hyndman and Wang [1995], Satake et al. [2003], Priest
et al. [2010], and Leonard et al. [2010], we assume the
rupture to be conﬁned between the deformation front and
the 450C isotherm (Figure 1). For testing the model of
variable slip along strike, the downdip limit is not critically
important, but we nonetheless will test model sensitivity to
this parameter.
[24] The direction of coseismic slip is assumed to be in the
convergence direction between the Juan de Fuca plate and
the Cascadia fore arc (JDF-fore arc) (Figure 1), as in Wang
et al. [2003], Satake et al. [2003], and Priest et al. [2010].
Speciﬁcally, the JDF-fore arc motion is described using
two Euler poles [Wang et al., 2003]. The Euler pole for the
JDF-fore arc convergence, based on the fore arc–North
America motion of Wells and Simpson [2001], applies from
southern Washington southward. In British Columbia, the
convergence is described simply by the Juan de Fuca–North
America (JDF-NA) pole. In northern Washington, a linear
transition between the two convergence ﬁelds is assumed.
McCaffrey et al. [2007] described a more complex model
of upper plate deformation. Considering uncertainties in
the paleoseismic estimates (section 2.5) and the other simpli-
fying assumptions discussed above, the difference between
using the Wang et al. [2003] or McCaffrey et al. [2007]
description is not signiﬁcant.
3.2. Slip Distribution in Dip and Strike Directions
[25] The fault mesh consists of interconnected small trian-
gular planar elements. Each element is assigned a slip vector
as a point dislocation source. Deformation of the top surface
of the model is the sum of all the point source dislocation
solutions [Okada, 1985] over the entire fault mesh [Flück
et al., 1997; Wang et al., 2003]. The Poisson’s ratio is set to
be 0.25. For a uniform half-space, no other material properties
are needed.
[26] Fault slip in our heterogeneous rupture models fol-
lows the bell shape function (Figure 2) in the downdip direc-
tion as proposed by Wang and He [2008] and applied by
Priest et al. [2010]. After some typographical errors are
corrected, the function is reproduced as follows:
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with x0 = x/W, where x is the downdip distance from the
upper edge of the rupture zone and W is the local downdip
width (Figure 3). The skewness parameter q ranges from
Figure 2. Two types of downdip distribution of coseismic
slip. Linear slip function (blue dashed line) and bell shape
function of Wang and He [2008] (red solid line). The bell-
shaped function has a broadness of 0.2 and a skewness of
0.5 (see equation (1)).
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0 to 1, and the broadness parameter b ranges from 0 to 0.3.
The symmetric distribution shown in Figure 2, with b = 0.2
and q= 0.5, is used for all models of bell shape slip distribu-
tion in this work. Compared with the “linear distribution”
(Figure 2), the bell shape function is more consistent with
observed slip distribution in earthquakes and predictions of
slip by rupture mechanics. However, details of the slip distri-
bution in the dip direction, especially those of the updip end,
are of no importance in modeling coastal subsidence. If we
were to model the impact of tsunami waves on local coasts
as in Priest et al. [2010], details of the shallow slip distribu-
tion would be very important.
[27] The most important issue we wish to investigate is
along-strike slip variation. Here we represent high-slip
areas in the simplest way, that is, as elliptical patches
in which the slip peaks at the center and tapers toward
the edge in all directions. The major axis of each ellipse
is set to be approximately parallel to the local strike
direction of the subduction fault (Figure 3). Where the
margin geometry does not allow simple assignment of
elliptical patches, such as the concave seaward corner
off southern Vancouver Island and the Olympic Peninsula,
or where the paleoseismic data are difﬁcult to ﬁt to simple
patch shapes, we let the patches deviate from the elliptical
shape. The slip magnitude is quadratically scaled with local
width of the slip patch ((W/Wmax)
2, see Figure 3). Thus, there
is less slip where the width of the patch is less than the widest
part. The low-slip areas in our models are also referred to as
“segment boundaries,” but we do not imply that these are
necessarily persistent features that behave in the same way
in successive great earthquakes.
3.3. Modeling Procedure
[28] Models presented in this paper are summarized in
Table 2 and will be described in section 4. We use a trial
and error approach and adjust various model parameters such
as the size, location, and peak slip for various patches and the
number of patches by comparing model predictions with
paleoseismic subsidence estimates. Because of the lack of
strike-normal data coverage (section 3.1), there is no point
pursuing a formal inversion.
[29] Despite our efforts to gather as many microfossil-based
subsidence estimates as possible, there are still two large data
gaps in northern and southern Cascadia (Figure 1). For areas
of no data, we do not arbitrarily introduce segment boundaries
except for testing purposes. Therefore, our preferred model
necessarily features large patches in these areas. Future
paleoseismic observations from these areas may change the
rupture model.
[30] To explain tsunami waves that reached Japan in A.D.
1700, Satake et al. [2003] adopted the uniform-slip Cascadia
rupture model of Wang et al. [2003] and tested different
rupture widths and a scenario in which the rupture at the updip
end was diverted to a splay fault. These trans-Paciﬁc tsunami
models are not sensitive to rupture details but provide
constraints for the earthquake magnitude. They indicate a
moment magnitude of 8.7–9.2 for the 1700 Cascadia event.
We observe this magnitude range when developing our
heterogeneous-slip models.
4. Model Results
4.1. Uniform-Slip Models
[31] We ﬁrst construct two models of uniform slip to see
how they compare with the more recent and precise subsi-
dence estimates (Figure 4). Here as in Wang et al. [2003],
Satake et al. [2003], and Leonard et al. [2004], “uniform”
means that the equivalent time of slip deﬁcit recovered by
Figure 3. Deﬁnition of the local width (W) and maximum
width (Wmax) of a slip patch. Warmer color means larger slip.
Table 2. Slip Values and Earthquake Magnitudes of Different Models
Model Figure Peak Slipa (years) RMS (m) Momentb (N m) Mw
Linear uniform 4a, 4c 300 0.26 3.11 + 22 8.9
4c 500 0.73 5.18E+ 22 9.1
Bell-shape uniform 4b, 4c 250 0.28 2.18E+ 22 8.8
Modiﬁed uniform 5 300 0.16 2.96E+ 22 8.9
Preferred 6a, 6c 450, 400, 550, 450 0.18 2.33E+ 22 8.8
Trench breaking 6b, 6c 450, 400, 550, 450 0.17 3.02E+ 22 8.9
Wide 8a, 8b 450, 400, 550, 450 0.40 2.70E+ 22 8.9
Wide-200 8a, 8b 250, 200, 350, 250 0.28 1.49E+ 22 8.7
Narrow 8a, 8c 450, 400, 550, 450 0.35 1.96E+ 22 8.8
Narrow+ 200 8a, 8c 650, 600, 750, 650 0.21 2.77E+ 22 8.9
Two-patch 10 450, 300 0.28 2.05E+ 22 8.8
10 450, 500 0.41 2.33E+ 22 8.8
Eight-patch 10 450, 450, 500,
500,550, 500, 500, 500 0.18 1.87E+ 22 8.8
aSlip is measured in terms of recovered slip deﬁcit accumulated over a time period. For multiple high-slip patches, the peak values are listed from north to
south.
bThe moment is calculated using a rigidity of 40 GPa.
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the coseismic slip is constant in the strike direction. In the
rest of the paper, the amount of coseismic slip is always
measured in terms of this equivalent time of slip deﬁcit accu-
mulation. For example, a 500 year slip means 20 m if the
local convergence rate is 40 mm/yr but 15 m if the local
convergence rate is 30 mm/yr. It does not represent the
actual time since the previous earthquake.
[32] Figure 4 shows subsidence values at the paleoseismic
observation sites calculated using models with the linear and
bell shape (Figure 2) downdip slip distributions. A 300 year
slip for the linear distribution or a 250 year slip for the bell
shape distribution can roughly ﬁt the general trend of the
paleoseismic estimates of coastal subsidence. The peak slip
in the bell shape model is located more landward than that
in the linear model (Figure 2), and hence, it requires slightly
less slip to ﬁt the paleoseismic estimates.
[33] The model of linear distribution with a 500 year slip
is similar to the model of Leonard et al. [2004, 2010]. How-
ever, in calculating slip deﬁcit to be recovered by an earth-
quake, Leonard et al. [2004, 2010] did not use a uniform
convergence vector as in Flück et al. [1997] or the JDF-
fore arc convergence as in Satake et al. [2003] and this
work. Instead, they used JDF-NA convergence extrapolated
from the work of Wilson [1993] that features a convergence
pattern at southern Cascadia similar to that shown by the
white arrows in Figure 1. As a result, the margin-normal
component of the coseismic slip off southern Oregon and
northern California was quite small and fortuitously ﬁtted
the old paleoseismic data (gray circles in Figure 4c). Had
the JDF-fore arc convergence been used, the model would
have substantially overpredicted coseismic subsidence in
this area (dotted line in Figure 4c).
[34] Although the uniform-slip models can roughly
explain the trend of paleoseismic estimates, they do a poor
job of explaining the second-order variations. One way to
improve the ﬁt is to vary the downdip extension of the
rupture zone. For example, we can modify the model of
Figure 4a in this fashion to produce the model shown in
Figure 5a. Although this model can ﬁt the paleoseismic
estimates rather well (Figure 5b), the assumption of uniform
slip is unrealistic as discussed in section 1.
4.2. Preferred Model
[35] Consistent with instrumental observations of great
subduction earthquakes and based on the assumptions
outlined in section 3.1, we propose a model of multiple
high-slip patches for the A.D. 1700 great Cascadia earth-
quake (Figure 6a). It is called the preferred model in Table 2
Figure 4. Models of uniform slip along strike (in terms of
equivalent time of slip deﬁcit accumulation). (a) Linear
downdip slip distribution (see Figure 2), with slip equivalent
to 300 years of slip deﬁcit accumulation at current rate of
JDF-fore arc convergence. The white dashed lines delineate
the downdip limits of full-slip and transition zones (same as
the black dashed lines in Figure 1). Sites of paleoseismic ob-
servations are color coded as in Figure 4c. (b) Bell shape slip
distribution (see Figure 2), with 250 year slip. Other symbols
are the same as in Figure 4a. (c) Model-predicted subsidence
in comparison with paleoseismic estimates. TF: subsidence es-
timates derived from a microfossil transfer function. Uncer-
tainties in the newer paleoseismic estimates (red and green
symbols) are described as follows: symmetric error bars repre-
sent one standard deviation of normal probability distribution,
one-sided bars indicate minimum subsidence estimate, and a
bar with no symbol indicates uniform distribution. Note that
the TF symbol with symmetric error bars at 49.10N repre-
sents two estimates using different types of microfossils but
with almost identical values (Cemetery and English Cove in
Table 1). Older estimates, based mostly on nonmicrofossil
data, used by Leonard et al. [2004, 2010] are shown as gray
circles.
Figure 5. A uniform-slip model with downdip extension
of the rupture zone varying along strike. (a) Slip distribution.
(b) Model subsidence in comparison with paleoseismic esti-
mates (Table 1).
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because we prefer this model over any uniform-slip models.
Compared to other possible scenarios of heterogeneous rup-
ture to be shown in section 4.4, the preferred model is sim-
pler or ﬁts the paleoseismic estimates better.
[36] In this model, we let the slip taper updip to become
zero at the deformation front. The slip in all the patches
peaks offshore and rapidly drops off at the coast except for
the northernmost patch that extends further landward
(Figure 6a). Because radiocarbon dating of subsidence
contacts dates past earthquakes to only a century or two
(rarely to several decades), the slip patches shown in
Figure 6a could be interpreted as a sequence of smaller
earthquakes over decades to a century. However, the
scenario of all the patches rupturing in the same great earth-
quake is more consistent with the heights of the tsunami
waves observed in Japan in 1700 [Satake et al., 2003].
[37] The preferred model ﬁts the paleoseismic estimates in
central Cascadia quite well (Figure 6c). Obviously, the slip
in the northernmost and southernmost patches is poorly
constrained because of the paucity of quality paleoseismic
subsidence estimates in these areas. The two existing
microfossil-based estimates at Cape Blanco and Cape
Mendocino did not use transfer functions, and their large
uncertainties would allow a wide range of slip values for
the southernmost patch. For a working model, we assume
a value of 450 years, the average of the 200–700 year range
(the shaded area in Figure 6c), for this patch.
[38] To accommodate a reviewer’s request to “quantify”
model ﬁt, we list in Table 2 the RMS of model ﬁt to the
paleoseismic subsidence estimates. However, we do not
attach much signiﬁcance to these values. As explained in
sections 3.1 and 3.3, no data can uniquely “resolve” the
1700 rupture. Given the sparse observational constraints,
any model of the 1700 earthquake must be based on scien-
tiﬁc reasoning and physically plausible assumptions such
as those outlined in section 3.1. Consistency with
paleoseismic data is a necessary but far from sufﬁcient
condition. For example, the modiﬁed uniform model (Fig-
ure 5) ﬁts the paleoseismic estimates very well (very low
RMS), but we do not prefer this model for reasons explained
in section 4.1. All the other models in Table 2 are designed
simply to illustrate the effects of changing poorly deﬁned
parameter values, not to show the preferred model to be
“better resolved.” With a great deal of tweaking, some of
the nonuniform models in Table 2 can have an RMS as small
as that of the preferred model.
[39] The RMS may provide some measure of how one
speciﬁc parameter affects model ﬁt if other parameters are
ﬁxed. For example, if we move the Alsea Bay, Oregon,
segment boundary away from its visually determined best
latitudinal location (44.4N), the RMS of the model will
become larger (Figure 7).
[40] Obviously, the Alsea Bay boundary is needed by the
preferred model because paleoseismic data from this area
indicate little subsidence (Figure 6c). The boundary near
Netarts Bay is introduced in order to explain the short-
wavelength along-strike variations in coastal subsidence in
this area. The third boundary, off Sixes River near Cape
Blanco, is introduced mainly to limit the potentially large
subsidence at this site. Although this boundary may not
Figure 6. The preferred model and a trench-breaking rup-
ture model for the 1700 Cascadia earthquake. (a) Slip distribu-
tion of the preferred model consisting of high-moment slip
patches delineated bywhite lines. Peak slip (warmest color) la-
beled for each patch is measured in terms of equivalent time of
slip deﬁcit accumulation. The white dashed lines are the same
as the black dashed lines in Figure 1. (b) Slip distribution of
the trench-breaking rupture model. (c) Model-predicted
coseismic subsidence in comparison with paleoseismic esti-
mates (Table 1). The upper and lower bounds of the shaded
area are obtained by assigning 200 year and 700 year slips, re-
spectively, to all the four patches of the preferred model.
Figure 7. RMS ﬁt to all paleoseismic estimates with slightly
different locations of the Alsea Bay low-slip area (solid
circles). All other model parameters are exactly the same as
those of the preferred model of Figure 6a which appears as
the minimum-RMS model here.
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be well constrained by the data, Witter et al. [2003]
inferred that some past earthquake ruptures were limited by
a segment boundary at Cape Blanco because paleoseismic
records differ to the north and south of this latitude.
[41] The boundaries do ﬁnd some support from their
apparent correlation with other geological and geophysical
observations or inferences. For example, near the low-slip
areas offshore of Netarts and Alsea Bays, Han et al.
[2012] and Tréhu et al. [2012] reported the presence of
subducting seamounts. Wang and Bilek [2011] suggested
that subducting seamounts should create an unfavorable con-
dition for large seismic slip and act as barriers during great
earthquakes. Several studies have proposed a segmentation
boundary at Cape Blanco. Goldﬁnger et al. [2012] postulated
that the Blanco fault zone (Figure 1) may give rise to a seg-
ment boundary here. Using large-scale ambient noise tomog-
raphy, Porritt et al. [2011] proposed a strong shear velocity
contrast in this area. Both the Alsea Bay and Cape Blanco
boundaries roughly coincide with boundaries of offshore ba-
sins inferred from gravity lows by Wells et al. [2003].
4.3. “Trench-Breaking” Rupture
[42] During the 2011 M 9.0 Tohoku earthquake in Japan,
megathrust rupture extended to the trench, as inferred from
repeat bathymetric and seismic surveys off the Sendai coast
[Fujiwara et al., 2011; Kodaira et al., 2012]. Although the
shallowest portion of the megathrust is generally believed
to have a velocity-strengthening behavior that tends to retard
slip, whether it can prevent such a trench-breaking rupture
depends on the degree of its coseismic strengthening and
the size of the earthquake [Hu and Wang, 2008], especially
if dynamic weakening is involved [e.g., Noda and Lapusta,
2013]. It is not yet clear whether very large slip at the trench
is a general feature of the Tohoku rupture or is limited to a
relatively small area. Nor is it known whether this behavior
is common in all subduction zones. It is possible that the
1700 Cascadia earthquake might also have ruptured the
shallowest part of the fault. If the shallow rupture causes
signiﬁcant seaﬂoor uplift near the base of the continental
slope, it can be very effective in generating tsunami waves
because of the large water depth.
[43] To account for the possibility of a trench-breaking
rupture, we modify the preferred model to produce a model
in which the slip does not become zero at the deformation
front (Figure 6b). Although the Cascadia subduction zone
does not have a bathymetric trench because of the large
amount of sediment, we still call this model the trench-
breaking rupture model (Table 2). The downdip half of the
slip patches is the same as in the preferred model, but the
updip half is widened 50% seaward and truncated by the
deformation front (Figure 6b). The model-predicted coastal
subsidence is nearly identical to that of the preferred model
(Figure 6c). The magnitude of this model earthquake is 9.
The magnitude can be further increased by assigning even
larger slip near the trench, but the coseismic coastal
subsidence will be little affected. Unless the trench-coast
distance is very small, coastal subsidence estimates contain
no information on the rupture behavior of the most updip
portion of the megathrust rupture. The message of this test
is simply that present Cascadia paleoseismic observations
do not rule out trench-breaking rupture.
4.4. Trade-off Between Rupture Width and Slip
Magnitude
[44] Because all the paleoseismic observations are located
on the coast (Figure 1), for each latitude (study site), there is
only one data point in the strike-normal direction. Thus, the
updip and downdip termination of the seismogenic zone
cannot be independently constrained by paleoseismic observa-
tions unless their strike-normal coverage can be substantially
widened. Models in this section (Figure 8) are designed to
illustrate how the ambiguity in the downdip rupture width
affects the estimated slip magnitude. The along-strike slip
distribution and the positions of the updip boundaries of the
slip patches are identical to those of the preferred model. To
produce wider or narrower ruptures, the lower boundaries of
the patches are moved landward or seaward by 30%, respec-
tively (Figure 8a).
[45] With the same peak slip as in the preferred model, the
Wide model generally results in larger coastal subsidence
(Figure 8b). A 200 year decrease in slip better ﬁts most of
the paleoseismic estimates. On the other hand, with the same
Figure 8. Tests for the effects of different downdip rupture
widths. (a) Outlines of high-slip patches (slip distribution is
similar to that shown in Figure 6a). For Wide and Narrow
models, the downdip width is increased or decreased by
30% from the preferred model of Figure 6a. Deformation
along the two margin-normal proﬁles will be shown in Fig-
ure 9. (b) Model subsidence for wider ruptures. In the wide
model, peak slip is the same as that of the preferred model.
In the Wide-200 model, the peak slip for each patch is that
of the preferred model minus 200 years. (c) Model subsidence
for narrower ruptures. In the Narrowmodel, the peak slip is the
same as that of the preferred model. In the Narrow+200
model, the peak slip for each patch is that of the preferred
model plus 200 years.
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peak slip as the preferred model, the Narrow model results in
smaller subsidence (Figure 8c). A 200 year or greater increase
in slip can better ﬁt the paleoseismic data (Figure 8c). The
resultant slip of 650–750 years or greater may be too large
when compared to the average recurrence interval of great
Cascadia earthquakes of about 500 years although not impos-
sible considering the full recurrence range of 200–1000 years.
Therefore, there are two main messages from these tests. First,
downdip rupture width and slip magnitude cannot be indepen-
dently inferred from coastal subsidence estimates. Second,
ruptures much narrower than that of the preferred model with
correspondingly larger slip appear to be less realistic than
somewhat wider ruptures with smaller slip.
[46] The trade-off between rupture width and slip magni-
tude can be better explained using margin-normal proﬁles of
deformation (Figure 9). If the coast is landward of the peak
subsidence such as at site Siletz (Figure 9b) and most of our
paleoseismic observation sites, a wider rupture causes greater
subsidence for the same slip value. The model-predicted
subsidence scales linearly with the assigned fault slip. In order
to ﬁt the paleoseismic estimate, a smaller or larger slip must be
assigned to the Wide or Narrow models, respectively. How-
ever, if the coast is seaward of the peak subsidence such as
for the Wide model at Johns River (Figure 9a), moving the
lower boundary of the rupture patch landward will decrease,
not increase, coastal subsidence. This is why the Wide model
and the preferred model produce similar subsidence at this
site.
4.5. Other Scenarios of Along-Strike Variations
[47] To illustrate the effect of low-slip areas on surface
deformation and to explain how we introduce the three
segment boundaries shown in Figure 6, we show two test
models with different numbers of slip patches (Figure 10).
For these tests, we let the slip taper to zero at the deformation
front as in the preferred model shown in Figure 6a, but the
conclusions do not change if we use a trench-breaking model
as in Figure 6b instead.
[48] The ﬁrst test is a two-patch model (Table 2 and
Figure 10a). The segment boundary off Alsea Bay is the
same as in the preferred model and hence can explain the
low subsidence in this area. However, with only one
segment boundary, this model cannot explain the short-
wavelength variations of coastal subsidence near 45N
(Figure 10b). If the peak slip of the southern patch is 300
years, the model-predicted subsidence at Cape Blanco may
be too small (Figure 10b). If the slip is increased to 500
years, the model better ﬁts the paleoseismic estimate at Cape
Blanco but overpredicts subsidence at Coquille (43.15N)
(Figure 10b). This example further explains why three
segment boundaries are needed by the preferred model (see
section 4.2).
[49] A second test with an eight-patch model is motivated
by the observation that some of the segment boundaries in
our preferred model are in agreement with boundaries of off-
shore basins inferred from gravity lows by Wells et al.
[2003]. The eight-patch model is constructed by dividing the
northernmost and southernmost high-slip patches of the
preferred model each into three smaller patches roughly
according to the distribution of fore-arc basins (Figure 10a).
As shown in Figure 10b, where subsidence estimates are avail-
able, this model predicts a subsidence pattern similar to that of
the preferred model (Figure 6c). Although we do not introduce
boundaries in data gaps for the preferred model, there are
arguments for some boundaries in northern Cascadia as
portrayed by the eight-patch model. For example, Blais-
Stevens et al. [2011] proposed that records of earthquake-
induced debris ﬂow off Vancouver Island indicate an average
earthquake recurrence interval much shorter than that off
southern Washington, although it is uncertain whether all
debris ﬂows were triggered by megathrust earthquakes. Based
on the offshore turbidite records, Atwater and Griggs [2012]
also suggest a shorter recurrence interval off Vancouver
Island.
Figure 9. Model-predicted vertical motion for the preferred,
Wide, and Narrow models along the margin-normal proﬁles
shown in Figure 8a and the nearest paleoseismic estimates.
(a) Proﬁle crossing Johns River, southern Washington. (b)
Proﬁle crossing Siletz, northern Oregon.
Figure 10. Test models with different numbers of high-slip
patches. (a) Outlines of high-slip patches. Gray lines delineate
offshore basins inferred from gravity anomalies byWells et al.
[2003]. (b) Model subsidence. For the two-patch model
(orange), slip of the north patch is 450 years, and slip of the
south patch is 300 or 500 years.
WANG ET AL.: GREAT CASCADIA EARTHQUAKE OF 1700
2470
5. Conclusions
[50] Like all instrumentally recorded large subduction
earthquakes worldwide, great Cascadia earthquakes must
have exhibited heterogeneous coseismic slip. Past Cascadia
earthquake models assumed uniform along-strike rupture be-
cause the large scatter and errors of paleoseismic subsidence
estimates did not allow resolution for higher-order varia-
tions. In this work, we use recent, more precise estimates
of coseismic subsidence, in most cases based on transfer
function analyses of intertidal foraminifera.
[51] We propose a rupture scenario for theM~ 9 earthquake
of A.D. 1700 consisting of high-slip patches separated by low-
slip areas. The surface deformation is modeled using a 3-D
elastic half-space dislocation model. The locations of the
high- and low-slip areas are constrained by estimates of
coseismic subsidence based on microfossil analyses. Our
preferred model (Figure 6a) consists of four high-slip patches.
There are two large areas in northern and southern Cascadia
where transfer-function-based microfossil paleoseismic data
are either very inadequate or nonexistent. Therefore, the slip
values of these parts of our model are not or very poorly
constrained in these areas. For lack of constraints and for
simplicity, we have assigned large patches to these areas in
the preferred model, but we by no means exclude the possibil-
ity of more heterogeneous rupture in these areas. The model
serves as a working hypothesis for the A.D. 1700 rupture
testable by future paleoseismic observations.
[52] Locations of some of our low-slip areas correlate to
some degree with previously proposed segmentation
boundaries or, at two locations, subducting seamounts. Lo-
cations of high-slip patches tend to correspond with basin-
centered coseismic slip proposed by Wells et al. [2003]. If
our model can be validated by more paleoseismic subsi-
dence estimates, it raises an important question whether
the low-slip areas are controlled by geological processes.
Geologically controlled, persistent slip behavior of different
segments of the megathrust fault has implications for seismic
hazard mapping.
[53] Although the coastal subsidence data used here help
deﬁne along-strike variations of coseismic slip, they cannot
constrain rupture width in the dip direction. Because of the
lack of data coverage in the dip direction, there is a trade-
off between slip magnitude and the position of the downdip
rupture limit. A wider rupture with smaller slip and a
narrower rupture with greater slip can both ﬁt the
paleoseismic data (Figure 8). Ignoring physical reasoning,
one can even explain the paleoseismic coastal subsidence
variations by varying the rupture width alone while assum-
ing a uniform slip (Figure 5). Also, the coastal data contain
no information on the rupture behavior of the updip half of
the rupture zone. Although, in our preferred model, the slip
decreases to zero at the deformation front, it does not ex-
clude the possibility of large slip of the shallow part of the
fault (Figure 6b).
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